Recent work has produced a theory for tropical convective available potential energy (CAPE) that highlights the Clausius-Clapeyron (CC) scaling of the atmosphere's saturation deficit as a driver of increases in CAPE with warming. Here we test this so-called "zero-buoyancy" theory for CAPE by modulating the saturation deficit of cloud-resolving simulations of radiative-convective equilibrium in two ways: changing the sea surface temperature (SST) and changing the environmental relative humidity (RH). For earthlike and warmer SSTs, undilute parcel buoyancy in the lower troposphere is insensitive to increasing SST because of a countervailing CC scaling that balances the increase in the saturation deficit; however, buoyancy increases dramatically with SST in the upper troposphere. Conversely, in the RH experiment, undilute buoyancy throughout the troposphere increases monotonically with decreasing RH. We show that the zero-buoyancy theory successfully predicts these contrasting behaviors, building confidence that it describes the fundamental physics of CAPE and its response to warming.
Introduction
Convective available potential energy (CAPE), loosely defined as the vertically integrated buoyancy of adiabatically lifted subcloud air, is one of the most elementary concepts in atmospheric science. Weather centers around the world calculate CAPE hundreds of times per hour to forecast atmospheric instability and issue severe storm warnings, drawing on evidence that CAPE is a predictor of thunderstorm severity [Brooks, 1994] , lightning flash rates [Williams et al., 1992] , precipitation extremes [Lepore et al., 2014] , and more. CAPE is fundamental to our understanding of the atmosphere on longer timescales, too: a large majority of deep convective parameterizations in contemporary global climate models (GCMs) rely on CAPE to compute cloud base mass flux, which controls the convective heating and cloud cover in simulations of the coming century's climate [e.g., Lin et al., 2015, Table 2 ]. The skill of CAPE in predicting today's storms has also led to a number of studies that translate increases in CAPE in GCMs into projected convective hazards in a warmer climate [e.g., Diffenbaugh et al., 2013; Romps et al., 2014; Seeley and Romps, 2015] . Clearly, our simulations of future climate, and many of the warnings about future severe weather drawn from such simulations, depend on the physics of CAPE. What is that physics?
Unfortunately, the current generation of GCMs is run at resolutions too coarse to resolve moist convection, so they are not ideal tools for gaining a process-level understanding of what sets CAPE and why it should increase with global warming. GCMs do, however, show significantly more agreement on future increases in tropical oceanic CAPE than in midlatitude CAPE, which suggests that tropical dynamics are an attractive conceptual starting point [e.g., Sobel and Camargo, 2011; Fasullo, 2011; Seeley and Romps, 2015] . Fortunately, there is a compelling line of evidence about CAPE from idealized simulations of tropical radiative-convective equilibrium (RCE) using higher-resolution cloud-resolving models (CRMs) that explicitly represent convective dynamics [Muller et al., 2011; Romps, 2011; O'Gorman, 2013, 2014] . The CAPE increase seen in these CRM studies is roughly 8-12% per degree Celsius increase of sea surface temperature (SST), which agrees quantitatively with the results from GCMs. Most importantly, a theory for what processes set CAPE in RCE, and for how CAPE should change due to external forcings, was recently put forth by Singh and O'Gorman [2013, hereafter SO13] .
The jumping-off point for the theory of SO13 is the observation that the actual buoyancies of tropical oceanic convective clouds are quite small-typically, less than 0.5 K when reported as condensate-loaded virtual temperature anomalies. This is true both in observations [e.g., Lawson, 1990; Wei et al., 1998 ] and numerical 10.1002/2015GL066199 simulations of RCE [e.g., Sherwood et al., 2013; Romps and Charn, 2015] , and observed updraft velocities are correspondingly slow compared to what one would predict based on CAPE alone [Zipser and LeMone, 1980] . The smallness of cloud buoyancies indicates that the mean lapse rate of the tropical atmosphere is closely approximated by the lapse rate inside diluted convective clouds, a fact that motivated SO13 to consider the limit in which the buoyancy of an entraining bulk plume is exactly zero. This results in the attractively simple picture that an undilute parcel has finite CAPE because the clouds that set the temperature profile of the RCE state do not develop adiabatically, but instead strongly mix with air that is subsaturated. Gravity waves quickly flatten free-tropospheric temperatures in the tropics [Bretherton and Smolarkiewicz, 1989] , giving the atmosphere an entraining lapse rate that is steeper than a moist adiabat. Since CAPE in this "zero-buoyancy" model results from the saturation deficit of air that entrains into clouds, SO13 argue that CAPE increases with warming because the saturation deficit is proportional to the saturation specific humidity, q * v , which scales with temperature according to the Clausius-Clapeyron (CC) relationship. This prediction of the zero-buoyancy theory was verified by the quasi-exponential increase in CAPE with SST seen in SO13's cloud-resolving simulations of RCE.
The goal of this study is to rigorously determine whether undilute parcel buoyancy and CAPE scale with the saturation deficit of the troposphere. To do so, we implement two distinct methods of modifying the saturation deficit in a CRM: by varying the SST, as in SO13, and by varying the steady state environmental relative humidity (RH). In section 2, we use the zero-buoyancy model of SO13 to predict the atmosphere's contrasting responses to these two forcings. In section 3, we find that when the SST is increased in the CRM, undilute buoyancy in the lower and middle troposphere does not increase because the CC scaling of the saturation deficit is balanced by a countervailing CC scaling of the factor that converts saturated moist static energy differences into temperature differences; we will refer to this conversion factor as . In this warming experiment, undilute buoyancy can only increase with SST in the upper troposphere where asymptotes to c p , the heat capacity of dry air. However, in section 4, we find that increasing the saturation deficit by reducing the RH causes undilute buoyancy to increase throughout the troposphere because does not change significantly as a function of RH. As shown in section 2, these two kinds of behavior are mathematically predicted by the equation for undilute buoyancy given by SO13.
CAPE in the Limit of Zero Buoyancy
The purpose of this section is to use a simple conceptual model to predict how the buoyancy of an adiabatic parcel should depend on the SST and environmental RH of an RCE state. This simple model necessarily neglects known features of cloud dynamics such as in-cloud heterogeneity [Jonas, 1990] , stochastic mixing events [Romps and Kuang, 2010a] , and buoyancy sorting [Taylor and Baker, 1991] ; nevertheless, it will become clear that it retains significant predictive power.
We begin by giving an abbreviated derivation of the zero-buoyancy model of SO13. The basic idea of the zero-buoyancy model is to use the bulk plume moist static energy (MSE) budget to reason about ΔT u = T u −T, where T u is the temperature of an undilute parcel lifted from the surface and T is the environment temperature. In the limit of zero cloud buoyancy, T is given by the temperature of an entraining bulk plume. Since clouds are saturated at the environmental temperature in this limit, the MSE budget of the zero-buoyancy bulk plume is equivalent to a budget for the saturated MSE of the environment, h * , and takes the particularly simple form
In equation (1), is the bulk plume fractional entrainment rate (units of m −1 ), L is the latent heat of evaporation, h is the MSE of the environment, and the environmental subsaturation is determined by RH ≃ q v ∕q * v , where q v is the environmental specific humidity and q * v is the saturation specific humidity at the environmental temperature and pressure. For this simple model, the MSE is defined as h = c p T + gz + Lq v , with c p being the heat capacity of dry air and g the gravitational acceleration; this definition of MSE contains the physics we need to build intuition for CAPE even though it ignores the ice phase and the effects of water on the heat capacity of moist air. Equation (1) tells us that the entrainment of air with a saturation deficit of (1 − RH)q * v is what pushes the environment's saturated MSE away from its value at the surface. Since an undilute parcel (approximately) , as predicted by the simple version of the zero-buoyancy bulk plume model. Black lines correspond to a control case with an SST of 300 K and a free-tropospheric RH of 80%, while the red and blue lines are for a +10 K SST perturbation and a −20% RH perturbation, respectively. The zero-buoyancy model is run with a profile of bulk entrainment of the form (z) = 0.5∕z. Also plotted as a gray dashed line in Figure 1a is the profile of undilute buoyancy of an adiabatic parcel in a cloud-resolving simulation of RCE with an SST of 300 K. conserves its MSE, equation (1) can be integrated vertically to find the saturated MSE surplus, Δh * u , of the undilute parcel at a given height z above the cloud base (which we take to be at z 0 ):
To connect this to undilute buoyancy, we just need to convert Δh * u into ΔT u by defining the function , which
T . This yields equation (4) from SO13:
Let us now consider how the zero-buoyancy model predicts ΔT u should change as the SST is increased or as the RH is reduced. In Figure 1 , we show results from a simple version of the zero-buoyancy plume model based on thermodynamics that are consistent with the equations given so far in section 2; for more details on the simple zero-buoyancy model, see section S1 in the supporting information. Figure 1a shows the undilute parcel buoyancy profiles predicted by the simple zero-buoyancy bulk plume model for a control case with SST = 300 K and RH = 80%, for an RH perturbation where free-tropospheric RH is reduced from 80% to 60%, and for an SST perturbation of +10 K. Both perturbations to the zero-buoyancy model increase the integrated saturation deficit by a similar amount in the lower troposphere, but they have starkly different effects on the buoyancy profile. Increasing the SST has essentially no effect on the profile of buoyancy below 11 km, while reducing the RH results in an approximate doubling of the buoyancy profile throughout the depth of the convecting layer. Why does the zero-buoyancy model act this way? Figure 1c shows that it is the divergent effects of these two types of forcing on that cause their effects on undilute buoyancy to differ so strongly. As an example, consider that both the SST perturbation and the RH perturbation increase the vertically integrated saturation deficit at 5 km by roughly 80%, but the SST perturbation also increases at this level by ∼ 80%, while the effect of the RH perturbation on is an order of magnitude smaller.
Physically, the increase of with temperature reflects the fact that a given Δh * corresponds to a smaller ΔT in a warmer atmosphere because Δh * is increasingly dominated by latent enthalpy (i.e., LΔq v ) rather than sensible heat (i.e., c p ΔT) as temperature increases. Generally, in layers of the atmosphere where is dominated by the moist term given by L q * v T , equation (3) suggests that ΔT u should be insensitive to increasing temperature because both the integrated saturation deficit and exhibit CC scaling. This should be the case for typical lower troposphere tropical conditions in the current climate (e.g., at a temperature of 300 K and a pressure of 1000 mbar, roughly 75% of comes from the moist term).
However, assuming that convection always extends at least to an altitude with a typical anvil temperature of ∼ 220 K [Hartmann and Larson, 2002] , there is a layer of the upper atmosphere where q * v is small enough that asymptotes to c p . Even though q * v is small in the upper troposphere, the vertically integrated saturation deficit is not small because it includes the saturation deficit in lower, warmer layers of the atmosphere; therefore, where ≃ c p , the increase of the saturation deficit that accompanies a warming atmosphere can efficiently cause increases in undilute buoyancy. This is reflected in Figure 1 , where the SST perturbation does increase undilute buoyancy at altitudes above 11 km.
In this section, we have shown that the zero-buoyancy model of SO13 predicts undilute parcel buoyancy in the lower and middle troposphere to be relatively insensitive to an SST warming perturbation, but to increase with SST in the upper troposphere. In contrast, we have also shown that the zero-buoyancy model predicts undilute buoyancy throughout the troposphere to be quite sensitive to an RH reduction perturbation ( Figure 1 ). These differences suggest that while modulating the saturation deficit does change CAPE in the zero-buoyancy framework, exactly how the saturation deficit is changed matters very much for how the vertical profile of undilute buoyancy responds. In the remaining sections of the paper, we present the results from a CRM that is subjected to an SST warming experiment and an RH-varying experiment to test the conclusions drawn from the simple framework presented thus far.
SST Warming Experiment
All cloud-resolving simulations in this work were performed with Das Atmosphärische Modell [Romps, 2008] . For this experiment, simulations were run on a square, doubly periodic domain with a model top at 61 km and a vertical grid spacing that varies smoothly from 50 m in the boundary layer to 500 m at a height of 5 km and to 1 km at 50 km. The lower boundary was specified to be an ocean surface with a fixed SST of 290, 300, 310, or 320 K. Surface fluxes were calculated using a bulk formula, and shortwave and longwave radiation were calculated interactively; there is no ozone in these simulations, and the same vertically constant 280 ppmv CO 2 profile was used for all simulations. Each of the four SST cases was first run to RCE over the course of approximately 400 days on a small domain (32 km width) with 2 km horizontal resolution, after which the simulations were restarted on a larger 72 km domain with 500 m horizontal resolution. The higher-resolution, larger-domain simulations were run for an additional 60 days, with statistics collected over the last 30 days of equilibrated convection. Horizontal-and time-mean vertical profiles of quantities of interest were recorded, as well as mean profiles within "cloud updrafts"; cloud updrafts were identified as grid cells with nonprecipitating condensed water mass fraction greater than 10 −5 and vertical velocity greater than 1 m/s. Figure 2a shows the buoyancy profiles of adiabatically lifted air parcels (assuming no condensate fallout) in the four simulations of RCE over SSTs of 290, 300, 310, and 320 K. Parcels were initialized with the mean temperature, pressure, and moisture content of the near-surface CRM level, and their buoyancies were calculated by lifting through the horizontal-and time-mean environmental density profile assuming conservation of MSE-CAPE with a full treatment of the thermodynamics of water, including the ice phase.
The undilute buoyancy profiles in Figure 2a from the four CRM simulations collapse onto a common curve below ∼ 8 km, but as the SST is raised, the profiles develop an increasingly prominent peak in the upper troposphere. On these profiles, circles indicate the point where transitions from being mostly moist (L q * v T > c p ) to mostly dry (L q * v T < c p ). This point serves as an approximate division between the two regimes discussed in section 2: where is dominated by the moist term, the zero-buoyancy model predicts that undilute buoyancy should be fairly insensitive to increasing SST because ΔT u is given by the ratio of two quantities that both exhibit Clausius-Clapeyron scaling; conversely, where is dominated by the dry term, we expect the increase in the integrated saturation deficit with atmospheric warming to be fully expressed as larger undilute parcel buoyancy. Figure 2a shows that this moist-to-dry transition of , which occurs at a higher altitude in warmer atmospheres, identifies the point in each profile where undilute parcel buoyancy rapidly increases.
These high buoyancies in the upper troposphere define a reservoir of CAPE between the transition point and the undilute parcel LNB that accounts for between 85% and 99% of the total CAPE in our CRM simulations. Since the undilute buoyancies in this layer of the atmosphere are (by definition) in a regime where increases in the saturation deficit are efficiently expressed as larger undilute parcel temperature excesses, and since these buoyancies dominate CAPE, the SST scaling of CAPE should bear the imprint of the Clausius-Clapeyron scaling of the saturation deficit. Figure 2b plots CAPE as a function of SST when integrated up to the undilute parcel's level of neutral buoyancy (LNB). This CAPE increases quasi-exponentially with a best fit rate of ∼ 7%/K over the simulated 30 K range. We also show CAPE integrated up to a fixed height of 12.5 km, which is the highest level at which all simulations have positively buoyant undilute parcels; for this fixed upper bound, the CAPE change with SST is flat and nonmonotonic because the layers of the atmosphere where undilute buoyancy can respond to the increase in the saturation deficit are excluded. Assuming a pseudoadiabatic lifting process with complete condensate fallout slightly softens the contrast between buoyancy behavior in the lower and upper troposphere but does not modify these conclusions. (For a pseudoadiabatic parcel, the increase of the virtual effect in the lower troposphere with SST is not balanced by an increase in condensate loading, and total buoyancy in the lower troposphere increases slightly even though the absolute temperature anomaly of the parcels remains insensitive to SST; see Figure 2a of SO13 for pseudoadiabatic virtual temperature anomalies over a colder range of SSTs.) Figure 2a also shows the undilute parcel buoyancy profiles predicted by the zero-buoyancy model for the four SSTs we simulated with the CRM. For completeness, here we use a complex version of the zero-buoyancy plume model that is formulated with thermodynamics that includes the full effects of water on the density and heat capacity of moist air; for more details on the complex zero-buoyancy model, see section S2. The match between the zero-buoyancy model and the CRM results is striking. The zero-buoyancy model captures both the insensitivity of undilute buoyancy to SST below ∼ 8 km as well as (in the warmer simulations with larger saturation deficits) the rapid increase in buoyancy with altitude in the regime where is predominantly dry. Figure 2b shows that CAPE predicted by the zero-buoyancy model also increases rapidly as a function of SST when integrated up to the CRM-diagnosed undilute parcel LNB (in fact, it overestimates the CAPE increase in 
RH-Varying Experiment
For this experiment, we change the mean relative humidity of air that mixes with developing clouds in the RCE state of our CRM by manipulating the water budget outside of clouds. In convecting regions of the real tropical troposphere, relative humidities hover around 80%, with a characteristic "C" shape that has a minimum around 7 km. In fact, by generalizing the zero-buoyancy model of SO13 to incorporate detrainment of saturated air from clouds, Romps [2014] showed that this shape of tropical relative humidity results from how the strengths of two competing effects of convection-moistening by detrainment and drying by forced subsidence-typically vary with altitude. In a CRM, however, we can force the atmosphere away from its natural profile of relative humidity, isolating and manipulating the effect of environmental humidity on the lapse rate and undilute buoyancy.
There is a deep literature regarding the sensitivity of convection to the humidity of the environment in which it develops, but our experiment is novel mainly because it considers steady state convection. It is a commonplace observation that dry air at midlevels reduces cloud buoyancies by entrainment, effectively suppressing deep convection and reducing precipitation [e.g., Mapes and Zuidema, 1996; Brown and Zhang, 1997; Parsons et al., 2000; Derbyshire et al., 2004; Takemi et al., 2004] . The importance of deep convective "preconditioning"-that is, the gradual erosion of a dry inhibition layer by progressively deeper cumulus development-has also been demonstrated in numerical simulations of tropical convection [Kuang and Bretherton, 2006 ], the diurnal cycle over land [Chaboureau et al., 2004] , and many other scenarios [e.g., Ridout, 2002; Khairoutdinov and Randall, 2006; Waite and Khouider, 2010] . However, these prior simulations are transient in the sense that initial profiles of environmental humidity are allowed to evolve under the influence of convection. We are interested in the steady state behavior-what if we don't allow shallow convection to pave the way for the clouds that make it all the way to the tropopause?
Our cloud-resolving simulations for this experiment were conducted on a 30 3 km 3 domain with doubly periodic horizontal boundaries. All simulations used the same vertical grid with 50 m spacing below 600 m altitude, increasing continuously to a constant 100 m spacing between 1 and 15 km altitude and then increasing again to 1 km spacing in the stratosphere. (This relatively high vertical resolution throughout the troposphere is required to maintain numerical stability at high relative humidities.)
The atmosphere in this experiment was destabilized by a fixed (noninteractive) radiative cooling profile of 1.5 K/d from the surface up to an altitude of 10 km, decreasing to 0 K/d linearly in altitude between 10 and 15 km. The use of noninteractive radiative cooling essentially fixes the depth of the convective layer. We first ran a control simulation to RCE over an SST of 300 K with 2 km horizontal resolution. We saved the mean vertical temperature profile from the equilibrated phase of this control run, and our forced-RH simulations were then branched from a 3-D snapshot of the model state at the end of the control and run to RCE. The model state at the end of these 2 km resolution runs for each target RH value was then interpolated to a grid with 500 m horizontal grid spacing and continued. After the simulations adjusted to the new resolution, statistics were collected over 10 days of equilibrated convection. As in the SST warming experiment presented in section 3, we recorded domain-mean vertical profiles of quantities of interest as well as mean profiles within "cloud updrafts" identified by thresholds for condensed water content and vertical velocity.
A schematic of the forcings employed in our forced-RH experiments is shown in Figure 3a . The setup should be thought of in terms of three layers: a subcloud-layer thermodynamic "sponge" whose purpose is to maintain constant moist entropy, a free troposphere that is destabilized by radiation and nudged toward a particular value of relative humidity in the clear-sky regions, and a stratospheric sponge that absorbs overshooting convection. In the stratosphere (z > 15 km), the only thermodynamical forcing is a nudging of layer mean temperatures to their values from the control simulation on a timescale of 6 h. In the subcloud layer (z < 400 m), temperatures were nudged locally (i.e., grid point by grid point) to the mean value at that elevation from the control simulation on a timescale of 1 min. We use local temperature nudging, rather than nudging of the mean, because nudging layer mean temperatures is problematic when there is an excessively large variance in low-level thermodynamical properties, as there is in simulations with very strong cold pools (the drier simulations). In the free troposphere (400 m ≤ z ≤ 15 km), a fixed radiative cooling profile is applied and the relative humidity outside of clouds is nudged toward a target value. In the subcloud layer (z < 400 m), relative humidity is also nudged, and temperature is nudged grid point by grid point toward the mean value at that altitude from a control simulation. (b) Steady state RH profiles from our simulations (solid lines), corresponding to forcing profiles with free-tropospheric values of 0%, 50%, 75%, 85%, and 95%. The forcing profiles are indicated by the dash-dotted lines. For reference, the relative humidity profile of an unforced RCE simulation is also shown by a gray dashed line. Figure 3b shows the relative humidity forcings, which were specified by a series of smoothly varying target RH profiles, RH † (z), corresponding to free-tropospheric target values in the set {0%, 50%, 75%, 85%, 95%}. Each profile has the same shape below 400 m, with values of roughly 85% as are observed below cloud base in standard RCE, before transitioning to the varying free-tropospheric values between 500 m and 1 km. We implement the RH forcing by nudging unsaturated grid points toward the target RH value via a mole-for-mole swap of dry air and water vapor that is enforced by source terms in the governing equations for water vapor and dry air. The forcing operates on an altitude-dependent timescale that is chosen to be short in the subcloud-layer, long in the neighborhood of cloud base (so that clouds have a chance to become saturated), and short again in the free troposphere; for more details of the relative humidity forcing framework, see section S3. Figure 3b shows the resulting steady state environmental relative humidity profiles in our simulations.
The buoyancy profiles of adiabatically lifted air parcels for the five simulations of RCE corresponding to target free-tropospheric RH values of 0%, 50%, 75%, 85%, and 95% are shown in Figure 4a . The buoyancy profiles in this experiment tell a very different story than those from the SST warming experiment shown in Figure 2a . The undilute parcel LNB remains fixed at ∼ 15 km, while the buoyancy at all heights between cloud base and the LNB increases monotonically with decreasing environmental RH. This confirms, over a much wider range of RH values, the prediction of the simple zero-buoyancy model in section 2 that undilute parcel buoyancy throughout the troposphere is very sensitive to the RH of air that entrains into clouds. Unlike in the SST warming experiment, where the increase of with SST caused the altitude of the moist-to-dry transition point to increase from roughly 1 km to 15 km, decreases weakly with decreasing RH, and the transition point only shifts from 5 km down to 2.5 km. This relative insensitivity of allows increases in the saturation deficit to be straightforwardly expressed as increases in undilute buoyancy throughout the troposphere in the RH-varying experiment.
Also plotted in Figure 4a are the undilute buoyancy profiles predicted by the complex-thermodynamics version of the zero-buoyancy model. The zero-buoyancy model is run with the same fixed entrainment rate profile as in the SST warming experiment but supplied with the varying RH profiles from the CRM (i.e., the steady Figure 2 and with the corresponding relative humidity profile from Figure 3b . In Figure 4a , colors correspond to the range of target free-tropospheric relative humidities and colored circles mark where transitions from being mostly moist to mostly dry. In Figure 4b , CAPE is integrated up to either the undilute parcel LNB (circles) or to a fixed altitude of 12.5 km (triangles).
state profiles shown in Figure 3b ). The zero-buoyancy model's match with the CRM results is excellent, capturing both the shape and magnitude of the increase in undilute buoyancy with decreasing RH seen in the CRM results. When integrated up to the undilute parcel LNB or to a fixed height of 12.5 km, CAPE in the CRM and zero-buoyancy model both decrease strongly with increasing column RH (Figure 4b) , with a sensitivity of approximately −75 J/kg/(% RH).
Conclusions
The fact that the zero-buoyancy model of SO13 can explain the CAPE variations in a convecting atmosphere subjected to two drastically different types of forcing-increases in SST and decreases in environmental RH-implies that it captures the fundamental physics of CAPE. Building on the work of SO13, we have shown that CAPE exhibits Clausius-Clapeyron scaling because undilute buoyancies in the upper troposphere dominate CAPE and scale with the vertically integrated saturation deficit. This adds specificity to the widely repeated claim that warming temperatures increase the "amount of fuel" available for deep convection-our work shows that while increases in q * v do increase the difference in saturated MSE (Δh * u ) between an undilute parcel and its environment, the larger Δh * u is only expressed as larger buoyancy in layers of the troposphere where the scarcity of water vapor forces Δh * u to be dominated by sensible heat rather than latent enthalpy. As a final note, we point out that there is no a priori connection between changes in the buoyancy of fictional adiabatic parcels and changes in actual updraft speeds, because the clouds in CRM simulations and in the real tropical atmosphere are highly diluted [Romps and Kuang, 2010b; Fierro et al., 2009] . However, Figure S1 shows that the mean vertical velocity of the cloud updrafts in our two experiments changes in the same sense as the undilute buoyancies: for the SST warming experiment, the velocities collapse onto a common curve that increases with altitude and grows taller with SST, while for the RH-varying experiment, the updraft speeds increase dramatically at all altitudes in the convective layer as RH is lowered. The connection between warming SSTs, entrainment, and the vertical velocity of the most intense (i.e., most weakly entraining) updrafts was explored through the generalized two-plume zero-buoyancy model of Singh and O'Gorman [2014] , but it remains unclear why the mean vertical velocity of highly diluted clouds should change in the same manner as undilute buoyancy. Whether this is a coincidence or physically constrained is a fascinating and difficult question that we leave to future work.
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where q c is the non-precipitating condensed water), and pressure are:
@ z log p = g/(R a T ) .
The MSE of the environment is given by h, q v is the specific humidity of the environment, and R a is the dry-air gas constant. The plume equations are integrated vertically by first specifying the temperature, total water, and pressure at plume base. If the plume is initially unsaturated, as it typically is when initialized with values taken from the nearsurface level of a CRM simulation, equations 1-3 are advanced with the entrainment rate ✏ set to 0 to generate a dry adiabat until saturation occurs. At and above the level of plume saturation, the specific humidity and the MSE of the environment are calculated using the supplied RH profile and the known temperature of the plume/environment. The supplied entrainment profile is then used to calculate the plume's q t and h ⇤ at the next vertical step with a simple forward-di↵erence method. A root-solver is used to calculate the temperature that is consistent with the known value of h ⇤ at the next vertical step. Any water in excess of q ⇤ v is dumped into the q c category. As it is written, equation 2 assumes no fallout of condensed water, but our plume model includes a parameter, , that determines
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what fraction of liquid water precipitates out at each step. If 1 > 0, any new q c that forms when stepping vertically is reduced by the factor (1 ). This "precipitation" is removed at constant pressure and temperature. Since we neglect the e↵ect of water on the density and pressure of air in this simple model, q c only functions as a reserve of liquid water that can re-evaporate to maintain saturation after entrainment reduces the specific humidity of the plume. Iterating this procedure generates a plume/environment temperature profile. The buoyancy of an undilute parcel is then computed by lifting a parcel that conserves its (simple) MSE, computing its temperature as a function of height, and comparing to the plume/environment temperature profile. Note that the zero-buoyancy plume is always colder than the undilute parcel-the zero-buoyancy model does not predict an LNB. To get a value of CAPE from the buoyancy profile predicted by the zero-buoyancy model, one must supply an upper bound for the CAPE integration.
The plume models are implemented in Python; code is available from the first author upon request.
Text S2: Complex zero-buoyancy model
Like the simple version, the complex zero-buoyancy model operates on the principle of neutrality between an entraining plume and its environment, but takes full account of the ice phase and the e↵ects of water on the density and heat capacity of air. The total water mass fraction in this case is q t = q v + q l + q s , where q l and q s are the mass fractions of liquid and solid water, respectively. The MSE is given by where c pm is the constant-pressure specific heat capacity of moist air, T 0 = 273.16 K is the triple-point temperature, E 0v is the di↵erence in specific internal energy between water vapor and liquid at the triple-point temperature, R v is the gas constant for water vapor, and E 0s is the di↵erence in specific internal energy between water liquid and solid at the triple-point temperature. The moist-air heat capacity, c pm , is given as a mass-fractionweighted linear combination of the constant-pressure heat capacities of dry air (subscript a) and the three water phases (subscripts v, l, and s): c pm = q a c pa + q v c pv + q l c pl + q s c ps .
The complex version of the zero-buoyancy model integrates the same plume equations as the simple version, but the pressure equation is replaced with
where (2015)). To calculate undilute parcel buoyancy, a near-surface parcel is lifted assuming conservation of MSE -CAPE, and this parcel's density is then compared to the plume/environment density profile produced by the zero-buoyancy model. The plume models are implemented in Python; code is available from the first author upon request.
Text S3: Method for nudging RH
There are many ways one could "nudge" relative humidity in a numerical model, so here we will be explicit about how this forcing was implemented in our simulations. Our relative humidity nudging was performed by nudging the local q v according to
where RH † (z) is the target RH profile and the nudging timescale is ⌧ . Note that F qv has units of density per time, and represents an artificial convergence of pure water vapor into the Eulerian finite volumes in the numerical model (we use "convergence" as shorthand for convergence or divergence). That is, F qv appears as a source in the governing equation for water vapor as follows:
where the other source terms are the resolved-flow moisture convergence r · (q v ⇢ũ), the evaporation e, and the convergence of di↵usive vapor fluxes r ·d v , which is nonzero only in the near-surface level in our model.
However, since we are interested in the e↵ect of environmental relative humidity on the temperature profile of a convecting atmosphere, we need to adjust RH in such a way that the forcing itself has negligible e↵ects on temperature. The convergence of water vapor does work on the gas in a finite volume, and therefore has an e↵ect on temperature. To counteract this, we also specify a countervailing convergence of an equal and opposite number of moles of dry air per volume per time:
The end result of this combination of forcings is e↵ectively a mole-for-mole swap of dry air and water vapor. The corresponding e↵ect on the model's finite-volume energy budget was accounted for by keeping track of the enthalpies of the exchanged gases. We apply this relative humidity nudging in every model level below 15 km, but not in the stratosphere.
To minimize the possibility of convective preconditioning (i.e., the probability that a developing cloud will grow through the moist detritus of a prior convective event), we should like to use a short ⌧ in the free troposphere. However, if we nudge RH locally on too short a timescale near cloud base, we will never give clouds a chance to be born.
Therefore, we specify an altitude-dependent ⌧ given by ⌧ (z) = Note that (a) and (b) have di↵erent horizontal and vertical scales.
